The early summer regional climate change of the East Asian summer monsoon (EASM) is 
scenario.
126
As done in several previous studies of regional climate changes (e.g., Seo et al. 2013; Qu 127 et al. 2014) , we use the moisture budget to study the hydrological change in the EASM 128 region,
129
∂ t q + ∇ · (vq) + ∂ p (ωq) = −P + E,
where v indicates horizontal winds, ω is vertical pressure velocity, q is specific humidity 130 in the atmosphere, P is precipitation, and E is evaporation. · indicates a mass-weighted 131 vertical integral, while (·) indicates temporal mean. Ignoring water vapor storage in the 132 atmosphere and vertical velocity at the surface, Eq. 1 can be written as
This budget closes only if variables v and q include all temporal resolutions. Because our 134 data are at monthly resolution, the calculated moisture flux convergence does not include 135 the contribution from sub-monthly transient eddies. Hence, this contribution has to be 136 estimated as the residual of Eq. 2. In the following, we will drop the notation (·), with all 137 variables in following equations indicating monthly means.
138
In order to expose contributions from individual climatic variables to changes in the 139 moisture budget, we decompose specific humidity, q, into the product of relative humidity,
140
H, and saturation specific humidity, q s , as done by previous studies. One caveat is that by 141 using the monthly average of relative humidity, we ignore its covariance with temperature
142
(through the saturation specific humidity) on frequencies higher than monthly.
143
The anomalous moisture budget can hence be written as 144 δ(P − E) = − δ∇ · (vHq s ) + residual,
where δ indicates the difference between sstClim4xCO2 and sstClim (abrupt4xCO2 and 
where terms on the right hand side represent, respectively, the change due to winds, rela-149 tive humidity, saturation specific humidity and hence temperature, the covariance between 150 relative humidity and temperature, the covariance between winds and relative humidity, the 151 covariance between winds and temperature and the covariance among winds, temperature,
152
and relative humidity. Assuming no changes in winds and relative humidity, anomalies due to 153 saturation specific humidity, − ∇ · (vHδq s (T )) , can be further decomposed into two terms,
154
− ∇ · (vHδq * s (T )) and − ∇ · (vHδ(q s (T ) − q * s (T ))) , where q * s (T ) is q s (T ) at the surface.
155
The former can also be written as −αδT (P − E), where α = L v /RT 2 , L v is the latent heat 156 of evaporation and R is the gas constant for water vapor. −αδT (P − E) has been described that with warming, δT , the pattern of net precipitation (P − E) will simply be enhanced:
161 becoming more positive when it is already positive; and more negative when it is already 162 negative. In the following, we will refer to this component as the component induced by
163
surface warming, to emphasize that this is the response in net precipitation due to changes 164 in surface temperature through changes in the saturation specific humidity, assuming a fixed 165 atmospheric temperature profile. The latter arises due to lapse rate changes or changes in 166 the shape of the temperature profile.
167
In addition to these CMIP5 experiments, we also perform simulations with the GFDL 168 AM2.1. Six experiments (noTopo control, noTopo 4xCO2, Topo control, Topo 4xCO2, Uni4K 169 and CMIP5SST) are performed (see more details in Table 2 ). These experiments have been designed to explore the impact of different regional forcings, such as land-sea contrast, to-trast influences regional precipitation without any contribution from topographic forcing.
174
These results can be compared with their counterparts with full topography. the oceanic regions on the southern flank of the rainfall band (Fig. 1a) . Most of the precip-
193
itation increase only happens when SST starts to warm. With CO 2 forcing alone, rainfall 194 decreases over oceanic regions, while it increases over East China (Fig. 1b) China while it significantly increases over the oceanic regions (Fig. 1d) . The difference in
199
EASM precipitation between coupled and uncoupled simulations is fairly small (Fig. 1c, The fast response of the EASM rainfall band to elevated CO 2 concentration with fixed
206
SSTs features a decrease (increase) of precipitation over oceanic (land) regions (Fig. 1b) .
207
This precipitation response is robust in most models (not shown).
208
Anomalies in net precipitation (Fig. 2a) largely explain the pattern of precipitation 209 change in the EASM (Fig. 1b) , with changes in evaporation being important only over oceanic 210 regions: here, the contribution by evaporation decreases along regions of large climatological 211 evaporation (Fig. 2b) . The spatial pattern of net precipitation change is consistent with 212 changes in mean moisture flux convergence (Fig. 2c) , although transient eddy flux anoma-213 lies, calculated as the residual of the moisture budget, are not negligible (Fig. 2d ). Changes 214 in mean moisture flux convergence are mainly captured by those due to winds (Fig. 2e) .
215
Contributions from changes in temperature (Fig. 2g ), relative humidity (Fig. 2f) and local SST changes might contribute to the narrow band of enhanced evaporation.
230
The mean flux convergence, − δ∇·(vHq s ) , captures the overall spatial pattern of the net 231 precipitation change in Fig. 3a , with strong moisture convergence on the southern flank of 232 the rainfall band (Fig. 3c) . Transient eddies contribute significantly to the balance (Fig. 3d ).
233
Because of the monthly resolution of the CMIP5 data, the transient eddy contribution is 234 estimated from the moisture budget residual, which prevents a more careful mechanistic un-
235
derstanding of this response. Changes due to winds ( the dynamic change due to only winds (Fig. 3e ). The reasoning is as follows: since tempera-250 ture increases everywhere, the sign in the response is due to changes in winds, with specific 251 humidity, (q s (T )), and specific humidity changes, (δq s (T )), acting as scaling factors. relative to the maximum value in the NPSH. This is because, through geostrophic balance,
264
winds are linked to gradients in geopotential height rather than its magnitude. Additionally,
265
geopotential heights tend to systematically shift upward under global warming.
266
On the larger scale, changes in the location and the strength of the NPSH in the fast
. 3 e and l shows that q s (T ) and δq s (T ) are of similar magnitude. This is due to the nonlinear dependence of q s (T ) on temperature, which gives rises to big changes in q s (T ) even for small changes in T . For instance, the water vapor saturation pressure is 3523 Pa at 300 K and 4701 Pa at 305 K, which implies that a 5K temperature difference results in a 33% difference in water vapor saturation pressure.
response are within one standard deviation of the inter-model spread and therefore not 268 significant (Fig. 4 , top). In the slow response, instead, the NPSH moves southward and 269 weakens significantly (Fig. 4, The wind convergence component, (− q 0 ∇·δv ), can be expressed in terms of the vertical 279 advection using continuity, − δω∂ p q 0 . The change in this term is largely explained by 280 changes in vertical velocity at 500 mb (i.e., δω 500 , Fig. 5 ).
281
The vertical velocity is directly associated with remote forcing (i.e., energy advection),
282
local radiative and surface fluxes, and stability. According to the MSE budget (e.g., Chen
283
and Bordoni 2014), vertical velocity can be approximated as the fraction between energy 284 input and moist static stability. Here, we define a proxy for vertical velocity at 500 mb 285 based on the MSE budget,
where
is the net energy flux into the 287 atmosphere, with the subscript t and s denoting the top of atmosphere and surface, and S and 288 R indicating the shortwave and longwave radiative fluxes, respectively.
The vertical integration of moist static energy stratification is from 700 mb to 100 mb to account for the steepest slope for stability.
is the MSE and E = c p T + L v q is the atmospheric moist enthalpy. α is a coefficient added to 290 account for the coupling between vertical velocity and MSE stratification. Transient eddies 291 are ignored and the coupling coefficient α is assumed to be homogeneous for simplicity.
292
Fig. 6 shows changes in vertical velocity as diagnosed from the model directly and from the 293 approximation in Eq. A1 (i.e., δw and assuming α = 1).
294
At the first order, changes in vertical velocity can be partitioned into changes in energy 295 input and changes in stability (Appendix). Contributions from changes in energy input
296
(mostly from horizontal advection of moist enthalpy) are significantly larger than those from 297 changes in stability in both fast and slow responses (Fig. 7) . In the fast response, anoma- anomalous positive moist enthalpy advection over ocean and negative advection over land.
302
Contributions from local stability are considerably smaller, however, with a destabilizing ef- In order to expose impacts of land warming alone on the EASM, we design two experi- for uniform SST changes. We illustrate the impact of spatially varying SST patterns on the projected EASM rainfall by comparing the Uni4K and CMIP5SST experiments (Fig. 11) .
387
With spatially varying SSTs (Fig. 12a) , rainfall increases from East China through the 388 northwestern Pacific; rainfall instead decreases over Japan and part of the northwestern
389
Pacific in the case of uniform SST warming (Fig. 12b) . In the latter case, changes in regional 390 net precipitation do not follow the pattern of the climatological net precipitation, as would 391 be expected from the "wet-get-wetter" response.
392
Differences in rainfall projection are largely due to the dynamic component (Fig. 13 ward, which is associated with a southward displacement of the westerly jet (Fig. 12a) .
395
The weakening of the NPSH, together with its spatial displacement, creates an anomalous 396 westerly wind to the southeast of Japan, resembling the MMM response in CMIP5 simula-397 tions. With uniform SST warming, the NPSH intensifies and there is little evidence of any 398 southward displacement. As a consequence, the prevailing wind to the southeast of Japan 399 is northeasterly, which results in a reduction in precipitation.
400
6. Summary and discussion
401
In this study, we analyzed the response of the EASM early summer rainfall band to 
405
The thermodynamic component however is non-negligible; it mimics the net precipitation anomalies, as a consequence of land-sea contrast due to CO 2 forcing, create an anomalous 408 meridional flow over East China and adjacent oceans, which affects the moisture advection.
409
The NPSH weakens and moves significantly southward in the slow response, creating an worth emphasizing is that, due to spread in model performances, our analyses are limited 427 to the month of June, when all models well capture the EASM rainfall band. Hence, results
428
and mechanisms discussed in this work might not be directly applicable to the late summer 429 response (i.e., August) of the EASM.
430
The fast and slow responses of the EASM to CO 2 forcing show an opposite pattern, the global and regional hydrological cycle (Bony et al. 2013; O'Gorman et al. 2012) .
454
We use a, s, and w to represent energy input (− v · ∇E + F net ), stability ( ∂ p h ) and 457 approximated vertical velocity at 500 mb (ω 500apprx ). Therefore, Eq. 5 can be expressed 458 symbolically as w = a αs
. Fractional changes in vertical velocity (δw) can be expressed as
where the subscript 0 indicates the control experiment, which is sstClim (sstClim4xCO2) and covariance between wind and temperature − ∇ · (δvHδq s ) (l). Line con- 2 ) between sstClim4xCO2 and sstClim of net precipitation δ(P − E) (a), evaporation δE (b), mean flux convergence − δ∇ · (vHq s ) (c), transient component (d, computed subtracting c from a), wind component − ∇·(δvHq s ) (e), relative humidity component − ∇·(vδHq s ) (f), temperature component − ∇·(vHδq s ) (g), temperature component due to the the component of surface warming (surface temperature) −αδT s (P −E) (h), temperature component due to lapse rate change (i, computed subtracting h from g), covariance between relative humidity and wind − ∇ · (δvδHq s ) (j), covariance between relative humidity and temperature − ∇ · (vδHδq s ) (k), and covariance between wind and temperature − ∇ · (δvHδq s ) (l). Line contours (contour interval 1 mm/day, solid (dash) line means positive (negative) value) indicate climatological net precipitation in sstClim (a,c-l), climatological evaporation (b). 2 ) due to winds, winds at 850 mb (vector, m/s), and difference in geopotential height between its maximum and locational value (line contour, contour interval 30 m, solid black, purple and brown lines indicate sstClim, sstClim4xCO2, and abrupt4xCO2, respectively) at 850 mb in the fast (a) and slow (b) responses. Short dash lines in black and purple indicate the inter-model spread (1 standard deviation) in sstClim and sstClim4xCO2 simulations calculated based on the whole sample of the differences in local geopotential relative to the maximum value in the NPSH in each grid. 2 ), 850 mb winds (vector) and the westerly core (maximum westerly wind, black indicates climatology, purple and blue indicate simulations with CMIP5 anomalous SST pattern and 4K uniform SST increase, respectively) with CMIP5 anomalous SST pattern (a) and with 4K uniform SST increase (b) in June. 
